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ABSTRACT

The focus of this paper is the role of meridional distribution of vegetation in the dynamics of monsoons and
rainfall over West Africa. A moist zonally symmetric atmospheric model coupled with a simple land surface
scheme is developed to investigate these processes. Four primary experiments have been carried out to examine
the sensitivity of West African monsoons to perturbations in the meridional distribution of vegetation. In the
control experiment, the authors assume a distribution of vegetation that resembles the natural vegetation cover
in West Africa. Each perturbation experiment is identical to the control experiment except that a change in
vegetation cover is imposed for a latitudinal belt that is 10� in width. The results of the numerical experiments
demonstrate that West African monsoons and therefore rainfall distribution depend critically on the location of
the vegetation perturbations. Changes in vegetation cover along the border between the Sahara desert and West
Africa (desertification) may have a minor impact on the simulated monsoon circulation. However, coastal de-
forestation may cause the collapse of the monsoon circulation and have a dramatic impact on the regional rainfall.
The observed deforestation in West Africa is then likely to be a significant contributor to the observed drought.

1. Introduction

Observations from West Africa indicate a significant
decline in rainfall levels since the early 1960s (e.g.,
Nicholson 1994; Hulme 1994). Nicholson et al. (1996)
noted that 1994 was the wettest year since the late 1960s
and may represent a break in the multidecadal drought
regime. However, observations for 1995 and 1996 sug-
gest continuation of the drought conditions (Horton and
Parker 1997). This continuing drought episode spans
most of the last three decades with a decline in rainfall
levels that is large enough to suggest a significant
change in the normal regional climate for this century
(Eltahir 1992; Farmer and Wigley 1985). Whether or
not this long episode of deficient rainfall will continue
remains to be seen. Nevertheless, these observations
have motivated many studies on rainfall, droughts, and
climate variability over West Africa. Most of these stud-
ies can be classified into two groups: studies that em-
phasize the role of land–atmosphere interaction in the
regional climate, and studies that emphasize the role of
ocean–atmosphere interaction and sea surface temper-
ature (SST) distribution in the variability of rainfall over
West Africa.

First, the studies concerned with the role of land–
atmosphere interaction in the variability of regional cli-
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mate investigate the role of land surface processes that
involve vegetation, soil moisture, surface albedo, and
evaporation in the dynamics of regional rainfall. The
pioneering study on land–atmosphere interaction in this
region is that of Charney (1975), which presented a
hypothesis for describing the mechanisms of droughts.
This hypothesis suggested a significant role for vege-
tation in the dynamics of rainfall over the Sahel, im-
plying that the rainfall-producing circulation over this
region is sensitive to changes in the state of vegetation
at the desert border with the Sahara. However, Charney’s
theory did not address the role of soil moisture and
evaporation, which motivated other studies such as
Walker and Rowntree (1977) to investigate the effect of
soil moisture conditions on circulation and rainfall in
West Africa. The role of land surface processes in the
regional climate was investigated by several modeling
studies: Charney et al. (1975), Charney et al. (1977),
Yeh et al. (1984), Sud and Fennessy (1984), Sud and
Molod (1988), Cunnington and Rowntree (1986), Kitoh
et al. (1988), Rowell and Blondin (1990), Rodriguez-
Iturbe et al. (1991), and Xue and Shukla (1993). The
role of vegetation and soil moisture in African paleo-
climate studies has been emphasized by Kutzbach et al.
(1996), where they found that replacing the Sahara des-
ert with grassland and desert soil with more loamy soil
could bring their model simulations and paleovegetation
observations into closer agreement than otherwise. The
results of these studies suggest that the conditions of
the land surface as characterized by vegetation cover
and soil moisture play a significant role in rainfall vari-
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ability over West Africa. Among those studies on the
impact of vegetation cover (e.g., Charney et al. 1975;
Xue and Shukla 1993), it is generally concluded that
the desertification near the sub-Saharan desert border
reduces rainfall within the region of vegetation pertur-
bation and increases rainfall south of the perturbation
region. The soil moisture–rainfall interactions are often
found to be able to sustain rainfall anomaly and thus
provide a positive feedback (e.g., Walker and Rowntree
1977; Yeh et al. 1984; Zheng and Eltahir 1997b).

The second group of studies is concerned with the
role of the ocean, and in particular the distribution of
SST, in the dynamics of climate over West Africa. The
relation of rainfall over this region to the distribution
of SST in the tropical Atlantic has been the focus of
several studies. At the regional scale, Lamb (1978a,b)
and Lamb and Peppler (1992) investigated the relation
of Sahel rainfall to the distribution of SST over the
Atlantic Ocean. In a similar study, Lough (1986) iden-
tified the dominant spatial patterns of normalized SST
departures in the tropical Atlantic using principal com-
ponent analysis and then correlated these different pat-
terns to rainfall in the Sahel region. While most studies
are concerned with simultaneous correlation between
summer rainfall and summer SST, Druyan (1991) sug-
gested the possibility of predicting summer rainfall
based on spring SST patterns. At the global scale, Fol-
land et al. (1986) discussed the relation between Sahel
rainfall and worldwide SST distribution. The use of SST
observations for the purpose of forecasting rainfall in
the Sahel was explored by Owen and Ward (1989) using
a global SST dataset. The results of all these studies
suggest that the conditions over the Atlantic Ocean as
characterized by SST may play a significant role in rain-
fall variability over West Africa.

A different view on the mechanisms of floods and
droughts over West Africa has been proposed recently
by Eltahir and Gong (1996). They suggested that rainfall
variability over this region is a manifestation of a large-
scale ocean–atmosphere–land interaction. According to
this theory, dynamics of wet and dry years over West
Africa are governed by not only the land–atmosphere
interaction, or the ocean–atmosphere interaction con-
sidered independently, but the critical factor to consider
is the meridional gradient of boundary layer conditions
between the land region and the Atlantic Ocean. The
measure that was proposed to describe these conditions
over land and the ocean is the meridional gradient of
moist entropy (or moist static energy). This theory pre-
dicts that a flat meridional distribution of entropy does
not drive any circulation and that a relatively large gra-
dient of entropy should drive a strong monsoon circu-
lation, which is of course the main rainfall-producing
system in the Sahel region.

The study of Eltahir and Gong (1996) builds on the
results of the earlier studies on the dynamics of zonally
symmetric thermally direct atmospheric circulations by
Held and Hou (1980), Lindzen and Hou (1988), and, in

particular, Plumb and Hou (1992) and Emanuel (1995).
In short, for a meridional circulation to develop over
any tropical region off the equator, the absolute vorticity
near the tropopause has to reach a threshold value of
zero. However, for a moist atmosphere that satisfies a
quasi-equilibrium balance between moist convection
and the radiative forcing, the absolute vorticity at upper-
tropospheric levels is a function of latitude and the me-
ridional distribution of boundary layer entropy. Hence,
the onset of a monsoon circulation depends in a non-
linear fashion on these two factors. Eltahir and Gong
(1996) argued that the location of the region of West
Africa, relatively close to the equator, dictates that the
dynamics of monsoon over the region are relatively sen-
sitive to interannual fluctuations in the meridional gra-
dient of boundary layer entropy. They further presented
observations on entropy and wind over West Africa dur-
ing the monsoon seasons of relatively wet year of 1958
and relatively dry year of 1960. These observations are
consistent with the proposed relation between boundary
layer entropy and the monsoon circulation: a large me-
ridional gradient of boundary layer entropy, a healthy
monsoon, and relatively wet conditions over the Sahel
region were observed in 1958; a nearly flat distribution
of entropy, very weak circulation, and relatively dry
conditions were observed in 1960.

The theory of Eltahir and Gong (1996) is consistent
with the empirical observations of sea surface temper-
ature anomalies (SSTAs) in the tropical Atlantic and
rainfall in the Sahel region (Lamb 1978a,b; Lough
1986). Theoretically, a cold (warm) SSTA in the region
located south of the West African coast should favor a
large (small) meridional gradient of entropy, a strong
(weak) monsoon circulation, and wet (dry) conditions
in the Sahel. A large body of observations confirms that
cold (warm) SSTAs off the southern coast of West Af-
rica are associated with wet (dry) years in the Sahel
region (Lamb 1978a,b; Lough 1986). However, the gra-
dient of entropy is also controlled by the corresponding
boundary layer conditions over land. In particular, the
role of vegetation in sustaining large-scale tropical cir-
culations was investigated by Eltahir (1996). He pre-
sented observational and numerical evidence that trop-
ical deforestation reduces the total net surface radiation
and therefore total surface heat flux, including sensible
and latent forms. Hence, large-scale deforestation re-
duces boundary layer entropy relative to the surround-
ings and results in weakening of tropical circulations.
Applying these general concepts to West African mon-
soons, we expect that the tropical West African defor-
estation will leave a significant signature in the merid-
ional distributions of net surface radiation, total surface
heat flux, and boundary layer entropy. Since the gradient
of boundary layer entropy is closely related to the
strength of monsoons, West African deforestation is then
likely to cause changes of monsoon circulations.

In this paper, we simulate and compare the response
of the monsoon circulation to changes in the vegetation
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FIG. 1. Map of West Africa and the region of the study, defined as
the region from 5� to 20�N, 15�W to 15�E (the dark rectangle).

distribution considering several different scenarios: deg-
radation of land cover along the northern border be-
tween West Africa and the Sahara desert (desertifica-
tion), and degradation of land cover along the southern
coast of West Africa (deforestation). While the deser-
tification scenario is similar to the changes in land cover
that were assumed by several previous studies (e.g.,
Charney 1975; Charney et al. 1977; Xue and Shukla
1993), the sensitivity of rainfall in West Africa to de-
forestation along the coast has not yet received a similar
level of attention. Zheng and Eltahir (1997a) reported
some preliminary results regarding the relative impor-
tance of tropical deforestation and sub-Saharan deser-
tification. However, this paper presents a more detailed
and complete analysis of the issue.

We first discuss the applicability of a zonally sym-
metric model to West African monsoons. A zonally sym-
metric model of the monsoon circulation is presented
in section 3. Then, a study on the sensitivity of West
African monsoons to desertification and deforestation is
described in section 4, followed by a discussion in sec-
tion 5. The final section of the paper summarizes our
conclusions.

2. The assumption of zonal symmetry for studying
West African monsoons

In the literature, a few studies use zonally symmetric
or zonally averaged models to study West African mon-
soons. Most notably, the pioneering work of Charney
(1975) used an analytical zonally symmetric model to
study the qualitative effect of increasing surface albedo
on Sahelian rainfall. Xue et al. (1990) investigated the
impact of sub-Saharan desertification on West African
rainfall using a zonally averaged model of the West
African monsoon. Their justification for using a two-
dimensional model is based on the fact that West Africa
has a zonally uniform distribution of rainfall, vegetation,
and other meteorological quantities. No quantitative
analyses were presented in both of these studies to sup-
port this assumption. Here we assess the effect of ig-
noring zonal asymmetries, by looking at the water vapor
and moist static energy budget for the region of West
Africa, for the climatological conditions.

a. Water vapor

We use the monthly mean data from the National
Centers for Environmental Prediction (NCEP), for the
1982–94 climatology (Kalnay et al. 1996). West Africa
is defined here as the region from 5� to 20�N, 15�W to
15�E, as sketched in Fig. 1.

According to Newell et al. (1972a), the water vapor
conservation can be expressed as

�W
� � ·Q � E � P, (1)

�t

where W � (1/g) q dp is precipitable water, ps surfaceps∫pu

pressure, and pu the pressure above which the flux and
flux convergence become negligible (here it is taken as
300 mb); Q � iQ� � jQ� , where i, j are eastward and
northward pointing unit vector, respectively. Here the
total zonal flux of water vapor Q� is defined as

ps1
Q � qu dp, (2)� �g pu

and the total meridional flux of water vapor Q� is
ps1

Q � q	 dp. (3)� �g pu

The monthly averaged fluxes of water vapor can then
be expressed as

ps1
Q � (q u � q
u
 ) dp (4)� �g pu

and
ps1

Q � (q 	 � q
	
) dp, (5)� �g pu

where overbars indicate the monthly mean values;
primes indicate the transient eddies. As demonstrated
by Flohn et al. (1965) and Rasmussen (1972), over West
Africa in summer, the total water vapor fluxes are dom-
inated by the monthly mean winds, with transient eddy
fluxes an order of magnitude smaller. Therefore, we can
approximately calculate the water vapor fluxes using
monthly mean winds, a procedure also used by Kidson
(1977).

For the region of this study, which is sketched by the
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FIG. 2. The vertically integrated water vapor fluxes (Q�, Q� ) in
August (unit: kg m�1 s�1).

dark rectangle in Fig. 1, the net water vapor convergence
can be expressed, through application of the Gauss the-
orem as (Fx � Fy)/A, where Fx is the amount of net
water vapor flux across eastern–western boundaries, Fy

is the amount of net water vapor flux across northern–
southern boundaries (the unit of Fx and Fy is kg s�1),
and A is the area of the region. Here, A can be calculated
by

A � a2��(sin� 2 � sin� 1), (6)

where �� � �/6, which is the longitude difference be-
tween the eastern and the western boundaries in radians;
� 1 � 5�N (southern boundary) and � 2 � 20�N (northern
boundary); and a is the earth’s radius. The water vapor
fluxes in August are shown in Fig. 2. The magnitude
of zonal fluxes is in general larger than that of merid-
ional fluxes. This is because the zonal wind is much
larger than the meridional wind in terms of the mag-
nitude. In addition to that, the zonal fluxes show pre-
vailing westward transport of moisture in most of the
regions except the region of strong monsoon south-
westerlies, between around 5� and 10�N. In the mean
time, the meridional fluxes show northward transport
by the monsoon southwesterlies from the tropical At-
lantic Ocean to the West African region. The qualitative
features of water vapor transport agree well with the

study of Kidson (1977) in which he showed that stream-
lines of the water vapor flux are fairly zonal.

However, the more meaningful quantity to look at is
the water vapor convergence for the region of our study
since it is the moisture convergence that is associated
with vertical motions and therefore rainfall. In order to
be able to apply zonally symmetric models to study West
African monsoons, the net zonal water vapor flux Fx

(magnitude) must be substantially smaller than the net
meridional water vapor flux Fy (magnitude), during the
summer months. In other words, the total net water va-
por flux within the region (Fx � Fy) must be dominated
by Fy. The seasonal variations of Fx, Fy, and (Fx � Fy),
scaled by the area of the region of our study A [Eq. (6)],
are shown by Fig. 3a. The positive values indicate net
water vapor into the region and negative values indicate
net water vapor out of the region. It is clear that the net
meridional fluxes are dominant over the zonal fluxes in
summer (July–September). The zonal water vapor flux
convergence (Fx) is negative over most of the summer.
This suggests that the zonal asymmetries contribute a
net water vapor flux out of the region. Compared to the
net meridional water vapor flux (Fy) in the region, the
effect of zonal asymmetries on the water vapor flux
convergence is secondary. In particular, in August and
September when the rainfall reaches its maximum in
the Sahel, the contribution of Fx to the total net water
vapor flux is less than around 30%.

In summary, from the standpoint of water vapor con-
vergence in West Africa, the effect of north–south water
vapor flux convergence is dominant. In fact, during sum-
mer months, the net meridional flux of water vapor in-
jects moisture into the West African region. At the same
time, the net zonal flux of water vapor brings moisture
out of the region with substantially smaller magnitude.
This study agrees with Lamb (1983) and Gong and El-
tahir (1996), where it was concluded that the evapora-
tion over the tropical Atlantic Ocean is a primary mois-
ture source for the West African monsoon.

b. Moist static energy

We now examine the effect of neglecting zonal asym-
metries on moist static energy, which has been shown
to be a crucial quantity in moist atmospheres (Emanuel
1994; Emanuel et al. 1994). Similar to our analysis of
water vapor, the monthly averaged vertically averaged
zonal flux of moist static energy (M �) can be approx-
imated by

ps1
M � (C T � L q)u dp, (7)� � p 	g pu

where the contribution from transient eddies has been
ignored (Newell et al. 1972b); L	 is latent heat of va-
porization. The vertically averaged meridional flux of
moist static energy (M � ) is
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FIG. 3. The seasonal evolution of the vertically integrated (a) net
water fluxes (unit: 10�5 kg m�2 s�1), and (b) net moist static energy
fluxes (unit: 103 W m�2), scaled by the area of the region A, which
can be calculated by Eq. (6). The bullets indicate the net flux across
the eastern–western boundaries (Fx); the circles the net flux across
northern–southern boundaries (Fy); the squares the total net fluxes.
Positive values mean the net flux convergence; negative values mean
the net flux divergence.

ps1
M � (C T � L q )	 dp. (8)� � p 	g pu

For the region of our study, the time evolution of net
moist static energy fluxes are shown in Fig. 3b. Again,
we see that during summer months, the meridional flux
convergence is dominant over the zonal flux conver-
gence.

By analyzing the effect of zonal asymmetries for the
region of West Africa, in terms of moisture and moist
static energy convergence, we found that the error
caused by neglecting zonal asymmetries is relatively
small. Zheng (1997) also analyzed the net convergence

of angular momentum in West Africa. He found that the
effect of zonal asymmetries on angular momentum is
also negligible. Therefore, for the West African region,
a zonally symmetric model should be sufficient to de-
scribe the gross features of seasonal rainfall variability,
as long as we are not interested in individual synoptic
disturbances, which have to be modeled using a three-
dimensional model. In what follows, the framework of
zonal symmetry will be applied to West African mon-
soons. Our focus is to understand physical mechanisms
using a zonally symmetric model.

3. Model description

The model used in this study is a moist and zonally
symmetric model. The model equations include primi-
tive momentum equations, the thermodynamic equation,
the water vapor equation and the mass continuity equa-
tion. The hydrostatic approximation has been applied.
The model is designed specifically to study the dynamics
of monsoons and was not designed as a climate model.
Hence, the philosophy in building this tool is different
from that of climate models; a limited set of essential
processes is included in order to study and define the
critical processes that are important for simulating re-
alistic monsoons.

The observations show that the vegetation, temper-
ature, specific humidity, and rainfall in West Africa are
approximately uniform in the zonal direction; our anal-
yses in section 2 demonstrated that a zonally symmetric
model should be capable of simulating the essential fea-
tures of West African monsoons. The model represents
the zonal average between 15�W and 15�E. The model
domain is global horizontally and extends from surface
up to 25 km (log pressure) vertically. The grid points
are evenly spaced in sine latitude horizontally with 60
increments (about 2.0� resolution in latitude in the Trop-
ics) and also equally spaced vertically with 25 incre-
ments (1-km vertical resolution). The time integration
scheme is semi-implicit and the time step is 20 min.
The standard diffusion used in these experiments is
fourth order in the horizontal and conventional Fickian
diffusion in the vertical. In addition, the diffusion
scheme is designed in such a way that the decay time-
scale of the two-grid-length waves in the horizontal is
comparable with the decay timescale of the two-grid-
length waves in the vertical. In this paper, the latter is
half the former. The diffusion coefficient is 5 m2 s�1.
The following is a brief description of the model phys-
ical processes.

a. Moist convection

The effect of moist convection on large-scale flows
is parameterized using the Emanuel scheme (Emanuel
1991), which is a physically based scheme taking ac-
count of current available theories, observations, and
numerical simulations. The version we use is version
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2.02. Based on observations of inhomogeneity of in-
dividual convective clouds, the basic assumption of this
scheme is that the fundamental entities in convection
are those subcloud-scale [O (100 m)] drafts rather than
the clouds themselves. The main closure parameters are
parcel precipitation efficiency, 
 i, which determines the
fraction of condensed water in a parcel lifted to level i
that is converted to precipitation; the fraction of pre-s� i

cipitation that falls through unsaturated air ; and �d,
which is the fraction area covered by the precipitating
downdrafts. These represent the physical processes re-
sponsible for determining how much condensed water
reevaporates, thus moistening and cooling the air, and
how much falls out of the system, leading to warming
and drying. Thus, this scheme directly relates the large-
scale temperature and moisture tendencies to micro-
physical parameters. The scheme is able to handle both
deep and shallow convections.

The level of humidity is checked after each time step.
If the atmosphere is supersaturated, the excess water
vapor is eliminated by large-scale precipitation without
reevaporation. The whole process is constrained by the
conservation of enthalpy.

b. Radiation

We use a fast radiation parameterization scheme de-
veloped by Chou et al. (1991). The scheme combines
both longwave and shortwave radiation to produce a
computationally fast yet still accurate radiation param-
eterization.

For longwave absorption, this scheme uses the Chou
(1984) broadband transmission approach for water va-
por, the Chou and Peng (1983) method for carbon di-
oxide, and the Rodgers (1968) method for ozone. The
scheme includes the water vapor line and continuum
absorption, carbon dioxide absorption through band
centers and band wing regions, and infrared ozone-ab-
sorption bands.

Solar radiation is absorbed by water vapor and ozone,
scattered by cloud droplets, and reflected at the surface.
The scheme employs the parameterization method of
Lacis and Hansen (1974) for ozone and water vapor.
Plane-parallel clouds (modeled with a delta-Eddington
two-stream flux model) (King and Harshvardhan 1985;
Joseph et al. 1976) provide fractional coverage. For all
the experiments we have described in this article, we
assume clear-sky condition and no clouds included in
the radiation code. The cloud–radiation feedback will
be included in the next level of model development. We
will discuss the effect of neglecting cloud–radiation
feedback in section 6.

The model top is at 25 km (about 38.8 mb) and the
surface is at 1000 mb. For the radiation calculation,
above the model top, we add nine layers up to 1 mb in
radiative equilibrium. The carbon dioxide concentration
is 330 ppm. Ozone mixing ratio and stratospheric water

vapor profile are from the Air Force Geophysics Lab-
oratories standard atmosphere (McClatchey et al. 1972).

c. Surface scheme

The surface configuration is as follows: the conti-
nental edge is located at 5�N mimicking the southern
coast of West Africa; north of it is land, whereas south
of it is ocean. The ocean temperature is specified from
the observation, as will be discussed later in more detail.
The surface albedo for ocean surface is 0.10. The land
surface temperature is computed using the energy bal-
ance and assuming zero heat capacity.

We use the Budyko dryness index as an indicator of
vegetation type (Budyko 1974). According to Budyko
(1974), for tropical forest D is generally less than 1.0
whereas for the desert region D is above 3.0. The sa-
vanna region D lies between 1.0 to 2.0. The semidesert
region D is from 2.0 to 3.0. In our land surface scheme,
we follow Gutman et al. (1984) in relating the index of
dryness (D) with both surface albedo (�) and surface
water availability (w) as follows:

tanhD
w � 1.23 � 0.33 D � 0 (9)

D

and

min(0.25, 0.07 � 0.06D) D � 1,
� � (10)�0.10 0 � D � 1.

Note that within the tropical forest region (defined as 0
� D � 1), there is no dependence of the surface albedo
on the dryness index. On the other hand, the upper limit
of the surface albedo is set to 0.25, which is reasonable
for deserts. The surface water availability is prescribed
to be close to 1.0 (moist surface) in the forest region
and approaches 0.0 as D increases in the desert and
semidesert regions. Surface fluxes are parameterized by
the bulk aerodynamic formulas.

This simple land surface scheme basically uses the
dryness index D as an indicator of vegetation types. A
distribution of D corresponds to a particular vegetation
distribution, giving us a unique distribution of surface
albedo and a unique distribution of water availability.
Hence, for a given vegetation distribution we know how
much of the solar insolation is absorbed at the surface
(through surface albedo) and how much the surface net
radiation is partitioned between latent heat flux and sen-
sible heat flux. This is done through water availability
w. The actual evaporation is defined as w � Ep, where
Ep is the potential surface evaporation calculated by the
bulk formulas. It should be pointed out that we did not
include any of the dynamics of the surface hydrology
in this model. This is because we are mainly concerned
with perpetual summer equilibrium states under differ-
ent vegetation patterns. However, in Zheng (1997), we
extend the model by including seasonal solar forcing
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FIG. 4. The distribution of vegetation (described by the dryness
index) for (a) the control experiment, (b) the desertification (from
15�N) experiment, (c) the deforestation experiment, and (d) the de-
sertification (from 10�N) experiment.

FIG. 5. The distributions of surface albedo (solid) and water avail-
ability (dashed) (in percentage) for (a) the control experiment, (b)
the desertification (from 15�N) experiment, (c) the deforestation ex-
periment, and (d) the desertification (from 10�N) experiment. The
scale on the left-hand side y axis is for surface albedo, and the scale
on the right-hand side y axis is for water availability.

and soil hydrology, the main results are not influenced
significantly.

4. Sensitivity of the West African monsoon to the
meridional distribution of vegetation

In the previous sections we argued that the dynamics
of monsoons are regulated by the meridional distribution
of boundary layer entropy. Since any change of land
cover is necessarily associated with changes in surface
albedo, surface water availability (root zone depth), as
well as surface roughness, the net surface radiative flux
and the entropy flux from the underlying surface will
change correspondingly (Eltahir 1996). Therefore, any
land cover transformation is likely to have substantial
effect on boundary layer entropy and thus the monsoon
circulation. Here, we would like to investigate this issue
and test the sensitivity of West African monsoons to
changes in vegetation that may occur at different lati-
tudinal belts. Our approach consists of numerical ex-
periments using the model that has been described in
the previous section. Four primary experiments were
performed and will be described in the following sec-
tions.

a. Control experiment

The natural vegetation in West Africa ranges from
short grass at the desert border to humid rain forests at
the southern border of the region near the Atlantic coast.

The area in between is occupied by several vegetation
zones ranging from tropical forests, to woodland, sa-
vanna, shrubs, and short grass. The vegetation pattern
in terms of the index of dryness (D) for the control
experiment is specified in Fig. 4a. Also in Fig. 4 we
show the vegetation perturbations that will be discussed
later. For the area between the coast (5�N) to 10�N, we
assign a D value of 0.50, which corresponds to tropical
forests; north of 20�N, D is set to 3.0, implying a surface
albedo of 0.25, which corresponds to desert conditions.
The dryness index is assumed to increase linearly be-
tween 10� and 20�N to represent the transition from the
tropical forest conditions to the desert conditions. The
corresponding patterns of surface albedo and water
availability are described in Fig. 5.

For the sake of simplicity, we are going to concentrate
on the perpetual summer case. The solar insolation of
15 August is assumed in these experiments; this date
coincides approximately with the period of the observed
maximum precipitation in the Sahel region. The oceanic
temperature is specified as the observed mean SST dis-
tribution in August (climatology 1981–94, averaged
from 5�W to 5�E) off the West African coast (Reynolds
and Smith 1994). The model is integrated for 500 days
to achieve a quasi-steady state. Hence, the numerical
simulations discussed here describe the steady-state so-
lutions for the dynamics of monsoons that correspond
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FIG. 6. The August rainfall meridional profiles of the model control
experiment with seasonal cycle (solid) and the observed GPCP 1987–
94 climatology averaged from 15�W to 15�E, in mm day�1.

to different surface boundary conditions, but using the
same solar forcing.

The results of the control experiment indicate a de-
velopment of a healthy monsoon circulation. A detailed
comparison between the model control experiment (with
seasonal cycle) and the NCEP reanalysis data is given
in the appendix. Note that the control experiment we
describe here cannot be compared with the observed
August rainfall exactly (where August is just part of the
seasonal cycle). Zheng (1997) compared the results from
the same model with seasonal cycle to the observations.
The model rainfall in August agrees reasonably well
with that of the Global Precipitation Climatology Project
(GPCP) rainfall data (Huffman et al. 1995), in terms of
the location of maximum rainfall (ITCZ) and the north–
south gradient of the rainfall (Fig. 6). Furthermore, sim-
ilar perturbation experiments have been performed with
seasonally varying radiative forcing. The qualitative re-
sults are not influenced. Therefore, this paper only dis-
cusses results from our steady-state model experiments.

Figure 7a shows the distribution of absolute and plan-
etary vorticities at the tropopause. While the inviscid
theory predicts zero absolute vorticity at the tropopause,
the model shows effective weakening of the absolute
vorticity from about 25�S to 15�N. A slight nonconser-
vation of angular momentum is implied by nonzero ab-
solute vorticity within the region, presumably due to the
inclusion of the numerical diffusion. The meridional
distributions of total rainfall, evaporation, and P � E
(P total rainfall, E evaporation; this is a measure of
large-scale moisture convergence) are shown in Figs. 8,
9, and 10, respectively. The maximum precipitation oc-
curs at a latitude between 12� and 13�N where P � E
also maximizes.

Notice that for our steady-state experiment here, the
location of the ITCZ is not very far from the reality
(�10�–12�N). The latitude of the maximum evaporation
(Fig. 9), however, is south of the ITCZ at around 8�–

10�N. This is due to larger surface water availability
near the coastal region as shown in Fig. 5. The merid-
ional distribution of boundary layer entropy is shown
in Fig. 11. Note that the latitude of maximum boundary
layer entropy (about 22�N) is far north of the latitude
of maximum rainfall. The latitude of maximum bound-
ary layer entropy can be viewed as the northern bound-
ary of the monsoon circulation since this is where an-
gular momentum contour becomes vertical (Emanuel
1995). In addition, the results that are not presented here
show a strong easterly jet at upper levels and a surface
westerly flow over the land. The same results show west-
erly jets in both hemispheres with a much stronger win-
ter jet. The intensity of these jets is unrealistically strong
since we use a zonally symmetric model. In reality,
midlatitudinal eddies would tend to reduce the intensity
of these jets. Overall, these features are consistent with
the development of a healthy monsoon (Ramage 1971).

b. Desertification (from 15�N) experiment

This experiment is identical to the control experiment
except that the vegetation cover in the region between
15� and 20�N is removed resulting in expansion of the
desert (see Fig. 4b). This change in the surface boundary
mimics the desertification of the semiarid region that is
located to the south of the Sahara desert and is similar
to the case considered by Charney (1975) and several
other studies.

Even with the desertification in the semiarid region,
the monsoon circulation still exists and is strong. This
can be inferred from Fig. 10. The distribution of upper-
level absolute vorticity in Fig. 7b indicates that the north
edge (about 12�N) of the weakened absolute vorticity
region is slightly south of the corresponding location of
the control experiment. The latitudinal profile of rainfall
in Fig. 8 shows that the rainfall decreases substantially
within the perturbation region (from 15� to 20�N). This
is due to both the decrease of moisture convergence and
the decrease of the local evaporation. However, south
of 15�N, rainfall even increases. The increase of rainfall
south of the perturbation region is mainly associated
with the increase of the large-scale moisture conver-
gence, which is consistent with the stronger and more
concentrated monsoon updraft, as can be seen from Fig.
10. Furthermore, the location of the maximum rainfall,
and hence the ITCZ, does not change significantly fol-
lowing the desertification (Fig. 8). The ITCZ seems to
be more concentrated following the desertification. A
surface westerly wind (not shown) also develops over
the land with similar magnitude to that of the control
case. In summary, desertification near the southern edge
of the desert reduces the rainfall within the desertifi-
cation region and enhances the rainfall south of it. How-
ever, the resulting modification of the circulation is not
significant enough for the monsoon to collapse.
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FIG. 7. The absolute (solid) and planetary (dashed) vorticities (unit: 10�5 s�1) at the tropopause for (a) control,
(b) desertification (from 15�N), (c) deforestation, and (d) desertification (from 10�N). The vertical arrow indicates
the coastline of the southern Atlantic Ocean.

FIG. 9. The meridional distribution of evaporation in (mm day�1),
for the control (solid line), desertification from 15�N (dashed line),
deforestation (dashed–dotted line), and desertification from 10�N
(dotted line).

FIG. 8. The meridional distribution of rainfall in (mm day�1), for
the control (solid line), desertification from 15�N (dashed line), de-
forestation (dashed–dotted line), and desertification from 10�N (dot-
ted line).
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FIG. 10. The meridional distribution of the difference between pre-
cipitation and evaporation (P � E) in (mm day�1) for the control
(solid line), desertification from 15�N (dashed line), deforestation
(dashed–dotted line), and desertification from 10�N (dotted line).

FIG. 12. The total net surface radiation (W m�2) for the control
(solid line), desertification (from 15�N, dashed line), deforestation
(dashed–dotted line), and desertification (from 10�N, dotted line).

FIG. 13. Same as Fig. 12 except for net surface shortwave radia-
tive flux.

FIG. 11. Boundary layer entropy in terms of surface �e in kelvins
for the control (solid line), desertification from 15�N (dashed line),
deforestation (dashed–dotted line), and desertification from 10�N
(dotted line).

c. Deforestation experiment

This experiment is identical to the control case except
that the vegetation cover for the region 5�–15�N is re-
placed by savanna with the dryness index value at 15�N
(see Fig. 4c). In the control experiment, this region is
covered by tropical forest between 5� and 10�N and by
savanna for the subregion between 10� and 15�N. This
experiment attempts to simulate the worst-case scenario
for tropical deforestation in West Africa.

Unlike the desertification experiment, the influence
of deforestation is dramatic. The maximum rainfall (�5
mm day�1) is only half of the rainfall maximum in the
control experiment (Fig. 8). In addition, the moisture
convergence (which is a measure of the strength of the
monsoon circulation) is only one-third of the value in
the control case, implying a much weaker circulation
(Fig. 10). In accordance with this, the upper-level ab-
solute vorticity is no longer close to zero over the land
(Fig. 7c), indicating the collapse of the nonlinear mon-
soon circulation. The collapse of the monsoon can be
explained as follows. Figure 12 shows the net surface
radiative fluxes (by convention, downward fluxes are
defined as positive, upward fluxes are defined as neg-
ative). It is clear that within the perturbation region the

net radiative flux is much smaller than that of the control
case (about 40 W m�2). In general, the degradation of
the vegetation cover will induce an increase of albedo
and a decrease of surface water availability (Fig. 5). The
increase of the surface albedo will decrease the surface
solar (shortwave) radiative flux. On the other hand, the
decrease of the surface water availability has the ten-
dency of heating up the land surface. This results in
larger outgoing longwave radiative flux (other things
being the same). In addition, the decrease of the surface
water availability also reduces the surface evaporation
(Fig. 9). This introduces less water vapor into the at-
mosphere and a smaller greenhouse effect. The com-
bination of the two effects induced by smaller surface
water availability produces a decrease of the net long-
wave radiative flux. To confirm this reasoning, we here
show the surface net shortwave radiative flux and the
net longwave radiative flux for the four standard ex-
periments (Figs. 13 and 14). For the case of defores-
tation, we see that both shortwave and longwave com-
ponents contribute to the decreased net surface radiation
comparably. Therefore, the overall effects of both short-
wave and longwave radiative components arising from
the degradation of the vegetation cover lead to a sig-
nificant decrease of the net surface radiation. This re-
duction in net surface radiation results in a similar re-
duction of surface entropy flux in the coastal region,
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FIG. 14. Same as Fig. 12 except for net surface longwave radiative
flux.

FIG. 16. The surface net radiation (W m�2) for the control (solid
line), deforestation (dashed line), and the experiment with the same
surface albedo as the deforestation experiment and the same surface
water availability as the control case (dashed–dotted line).

FIG. 17. Same as Fig. 16 but for the net surface longwave radiation.
Note that the net surface longwave radiation is the downward long-
wave radiation emitting from the atmosphere less the upward long-
wave radiation emitting from the surface. Negative values indicate
that the former is smaller than the latter in terms of magnitude.

FIG. 15. The total surface fluxes (W m�2) for the control (solid
line), desertification from 15�N (dashed line), deforestation (dashed–
dotted line), and desertification from 10�N (dotted line).

hence reducing substantially the boundary layer entropy
there. The total surface heat flux (including sensible and
latent forms), which equals the net radiative flux over
the land, is displayed in Fig. 15. The reduction of the
surface heat flux over the land results in the reduction
of boundary layer entropy in the coastal region and
therefore the contrast between the coastal land and ocean
is too weak to trigger a monsoon circulation (Fig. 11).
Therefore, the monsoon collapses.

Note also that the change of boundary layer entropy
is not limited within the region of perturbation. This is
because the initial local change of boundary layer en-
tropy due to vegetation perturbation affects the strength
of monsoon circulation, which in turn tends to modify
the boundary layer entropy within the region of deep
convection where the atmosphere is relatively well
mixed (Emanuel 1995). For the region of strong sub-
sidence (Southern Hemisphere Tropics and subtropics),
the boundary layer is decoupled with the free atmo-
sphere and the boundary layer entropy there is not in-
fluenced by the imposed vegetation perturbation sig-
nificantly. Figure 11 clearly shows that the boundary
layer entropy has a substantial reduction within the deep
convective region following the deforestation, associ-
ating with substantial change of monsoon circulation
we described earlier. On the other hand, the desertifi-
cation (from 15�N) experiment shows little change of

the boundary layer entropy in the deep convective re-
gion, consistent with minor change of monsoon circu-
lation following desertification (from 15�N).

Another experiment was performed to isolate the rel-
ative roles of albedo and water availability changes. This
experiment is identical to the standard deforestation ex-
periment we just described in surface albedo but the
water availability is fixed to that of the control exper-
iment. The net surface radiative flux for this experiment
is compared to those of the standard deforestation ex-
periment and the control experiment (Fig. 16). The dif-
ference between this experiment and the control state
is the net effect of the increasing surface albedo, where-
as the difference between this experiment and the stan-
dard deforestation experiment indicates the net effect of
the decreasing surface water availability. In terms of the
relative contribution to the net surface radiation, we see
that the effect of the surface moisture availability is
substantial, although slightly smaller than the albedo
effect here. The effect of decreasing surface water avail-
ability can explain almost completely the change in the
longwave component of net radiation, whereas the effect
of increasing surface albedo is responsible for the
change in the shortwave component (Figs. 17 and 18).
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FIG. 18. Same as Fig. 16 but for the surface downward shortwave
radiation. Note that the standard deforestation experiment and our
hypothetical experiment here have indistinguishable surface down-
ward solar radiation due to identical albedo.

FIG. 19. The meridional distribution of rainfall in (mm day�1), for
the control (solid line), desertification (from 15� to 20�N, dashed line),
deforestation (from 5� to 10�N, dashed–dotted line), and desertifi-
cation (from 10� to 15�N, dotted line).

The model’s result confirms our conceptual reasoning
presented earlier and that of Eltahir (1996).

d. Desertification (from 10�N) experiment

The relation between the distribution of vegetation
and the monsoon circulation is investigated further by
considering the impact on the circulation that may result
from desertification extending to 10�N. This experiment
is identical to the control case except that we assign the
value of the dryness index D to 3.0 (desert value) north
of 10�N. As we can see from Fig. 8, the maximum
rainfall occurs over the coastal region between about 6�
and 8�N. Compared to both control and desertification
(from 15�N) experiments, the rainfall belt (or ITCZ) has
been pushed farther south. The region of the pertur-
bation experiences strong negative moisture conver-
gence and evaporation anomalies, resulting in substan-
tial decrease of rainfall over that region. South of the
perturbation region, we observe an increase of rainfall
caused mainly by the increase of moisture convergence,
similar to the desertification (from 15�N) case. In terms
of the rainfall within Sahel region (�12�–18�N), where
most previous studies were concerned, this case intro-
duces the larger decrease compared to any other cases
we described. The ITCZ stays over the coastal land and
cannot move northward enough to bring rainfall to the
Sahel region.

e. Other experiments

The distribution of vegetation that is shown in Fig.
4a is similar to the observed distribution over West Af-
rica; the density of vegetation cover decreases from the
south to the north. The areal extent of the three pertur-
bations in vegetation cover are similar, each of them
replaces the vegetation cover by a desert belt (for the
deforestation experiment, a savanna belt) that extends
for about 10� latitude. However, due to the different
densities of the vegetation that existed initially at the
three different locations, the intensities of the three per-

turbations are different. For example, the desertification
(from 15�N) in fact only replaces the vegetation cover
of 5� in width (from 15� to 20�N) by the desert. In order
to test the robustness of our results, the same four ex-
periments were repeated assuming that the distribution
of vegetation in the control case is a uniform coverage
by tropical forests (of course now the control case does
not bear very much resemblance to reality). The results
were not affected to any significant degree; that is, the
model response is still sensitive to the location of the
vegetation perturbation.

Clearly the model’s quantitative response to the veg-
etation perturbation has to do with the latitudinal width
as well as the magnitude of the perturbation. Here we
conduct two experiments that correspond to the standard
deforestation and desertification (from 10�N) experi-
ments (Figs. 4c and 4d), respectively. The only differ-
ence is that the areal extent of the perturbation is now
5� instead of 10�. For the deforestation experiment, the
perturbation is from 5� to 10�N (assigning dryness index
the same as the standard deforestation experiment 1.75).
For the desertification experiment, the perturbation is
from 10� to 15�N with all the vegetation cover replaced
by desert (i.e., D � 3.0).

The total rainfall for experiments with perturbations
of 5� latitudinal width is shown in Fig. 19. The defor-
estation (from 5� to 10�N) experiment still shows sub-
stantial decrease of rainfall everywhere over the land
area. However, the magnitude of rainfall decrease is
smaller compared to the standard deforestation (from 5�
to 15�N) experiment. In this case, it seems that a some-
what weaker monsoon circulation still exists. The ITCZ
is pushed slightly northward. The desertification (from
10� to 15�N) experiment, on the other hand, shows a
similar dramatic decrease of rainfall within the pertur-
bation region. The ITCZ again is pushed southward to
be around 6�–8�N.

Other experiments using different magnitudes of veg-
etation perturbation have also been performed to ex-
amine the robustness of our results. Although quanti-
tative differences exist as we expect, the experiments
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in general suggest that tropical deforestation is capable
of producing substantial regional rainfall decrease over
West Africa, just as the sub-Saharan desertification. In
addition, it seems that the dynamics of West African
monsoons are more susceptible to the vegetation cover
near the tropical coastal region than that near the south-
ern desert border. In what follows, we will summarize
the results of the experiments we described and point
out some important implications.

5. Discussion

The results of the numerical experiments of the pre-
vious section shed some light on the role of vegetation
in the dynamics of West African monsoons. The veg-
etation cover along the coast of West Africa influences
the simulated monsoons more significantly than vege-
tation cover near the desert border (north of 15�N). It
is interesting to compare the response of the model to
deforestation and desertification. Given the limitations
of the model, the results of this exercise should be in-
terpreted carefully, especially in comparison with the
dynamics in the real atmosphere. However, comparison
of the results for the different cases considered suggests
that the dynamics of the monsoon in this region are
indeed more sensitive to changes in land cover that may
occur along the coast (deforestation, Fig. 4a) than
changes in land cover that occur at the desert border
(desertification, Fig. 4b).

These results are particularly interesting if we con-
sider them in conjunction with the observed patterns of
land cover change in West Africa. This region has been
experiencing very intense changes in land cover
throughout this century. The nature of land cover change
in West Africa varies from desertification at the northern
border to deforestation at the southern border. These
changes in land cover are driven primarily by the in-
crease in population. The demand for agricultural land
is satisfied by clearing of natural vegetation, and the
quality of vegetation cover is degraded by overgrazing
in several regions. The timber industry flourishes along
the coast of the Atlantic Ocean at the expense of con-
tinuous clearing of vast areas of the humid forests. The
dry woodlands are popular sources of wood for domestic
use. The combination of all these factors drives some
of the most intense changes of land cover compared to
any other region.

During the early years of this century, rain forests
covered a significant area, about 500 000 km2, along
the Atlantic coast. Today, less than 10% of the primary
rain forest is left. These estimates of tropical defores-
tation in West Africa were reported in Gornitz (1985)
and Myers (1991). The highest annual rates of defor-
estation are in the Ivory Coast, Nigeria, and Ghana. The
study of Myers (1991) estimates that the current annual
rate of deforestation is 16% for Ivory Coast and 14%
in Nigeria. Indeed, these are the highest annual rates of
deforestation in the world. These estimates led Myers

(1991) to conclude that little primary forest is likely to
be left in West Africa by about the year 2000.

Charney (1975) proposed a mechanism for describing
the feedbacks between desertification and droughts. This
theory is based on the basic concept that deserts work
as radiative sinks of heat where the loss of heat due to
the emission of planetary radiation is balanced by adia-
batic warming due to subsidence. Under these condi-
tions, removal of vegetation, such as that caused by
overgrazing at the desert border, increases surface al-
bedo causing an additional radiative cooling. The latter
can only be balanced by additional adiabatic warming
and enhancement of sinking motion. Charney (1975)
argued that this enhancement of the sinking motion
could push the ITCZ southward. While our simulations
for the desertification case show anomalous sinking mo-
tion, the decrease of rainfall over the new desert is as-
sociated with changes in P � E (circulation change)
and a decrease in evaporation (local effect); see Figs.
8, 9, and 10. These kind of feedbacks cannot be ad-
dressed in the dry model of Charney (1975).

The same classic paper by Charney (1975) argues
that, ‘‘To my knowledge we do not yet have an expla-
nation for the location of the ITCZ over the African
continent, nor do we understand the nature of its inter-
action with the desert circulation.’’ However, the sim-
ulations described in the previous section may shed
some light on the dynamics of the monsoon circulation
and the factors that govern the movement of the ITCZ
onto the African continent. These results suggest that
the distribution of vegetation plays a significant role in
these processes. In particular, the type of vegetation that
occupies the coastal region is important to the movement
of the ITCZ onto the African continent. The mechanism
by which vegetation in this zone interacts with the at-
mospheric circulation can be described by the theory of
Eltahir (1996). Vegetation in the form of dense forests
enhances net radiation at the surface, and the total flux
of heat including sensible and latent forms. These fluxes
supply energy as well as entropy in the boundary layer
and create a significant gradient of entropy between land
and ocean, which is the driving force for the monsoon
circulation. The deforestation experiment illustrates
how the removal of this vegetation would weaken the
boundary layer entropy within the deep convective re-
gion and thus weaken the monsoon circulation and cause
less rainfall over West Africa. For some extreme cases,
like the vegetation perturbation we assumed in Fig. 4c,
the monsoon can collapse as shown in Fig. 8. Figure
12 indicates that the radiative flux (therefore the entropy
flux) decreases substantially over the perturbed region.
For the case of the deforestation from 5� to 15�N, the
total heat flux over the coastal region happens to be
smaller than the oceanic value causing the collapse of
the monsoon.

A comparison of the results of the four primary nu-
merical experiments would suggest that the location of
the simulated ITCZ is rather insensitive to the distri-
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FIG. 20. The difference of normalized annual departures of African
rainfall between the wet period of 1950–69 and the dry period of
1970–90 for different West African regions (dry–wet). The five
regions are Guinea coast (1), Soudano–Guinean (2), Soudan (3), Sahel
(4), and Sahelo–Sahara (5), as defined in Nicholson (1994).

bution of vegetation northward (to a lesser extent south-
ward) relative to the location of the ITCZ in the control
experiment. In the desertification (from 15�N) experi-
ment, although the magnitude of local rainfall is reduced
relative to the control case, the location of the ITCZ
does not change significantly compared to the control
case. The same can be said in describing the defores-
tation (from 5� to 10�N) experiment. However, in the
other experiments that involved changes in vegetation
distribution within the vicinity of the ITCZ in the control
experiment, the location of the ITCZ changes dramat-
ically. This has important implications for GCM studies
regarding effects of land surface transformation on the
location of the ITCZ. That is, the response of different
models to the same specified vegetation perturbation
(e.g., desertification, which is the topic for most pre-
vious studies) might be different simply because dif-
ferent models have different control states. In general,
for sub-Saharan desertification (degradation of the veg-
etation cover starts from the desert border southward),
if the ITCZ for the control experiment lies within the
region of perturbation, we expect a southward shift of
the ITCZ as in the desertification (from 10�N) experi-
ment, similar to the result of Xue and Shukla (1993).
On the other hand, if the region of perturbation lies north
of the ITCZ for the control case, we do not expect
substantial change in the ITCZ position as in the de-
sertification (from 15�N) experiment we have shown
above. As far as deforestation (degradation of the veg-
etation cover starts from the coast northward) is con-
cerned, the deforestation from 5� to 10�N has a tendency
to push the ITCZ northward. For the worst-case scenario
of deforestation (from 5� to 15�N), the monsoon col-
lapses. The dynamics of West African monsoons seem
to depend more on the vegetation cover from the lo-
cation of the ITCZ (for the control run) southward than
that from the location of the ITCZ (for the control run)
northward.

In particular, we have shown that tropical defores-
tation may be a potentially important factor in modu-
lating West African rainfall variability. This study sug-
gests that tropical deforestation may be another possible
drought-producing mechanism in West Africa besides
the well-documented sub-Saharan desertification pro-
posed first by Charney (1975). According to Nicholson
(1994), 1950–69 were relatively wet years in Sahel and
1970–90 were relatively dry years. From the data of
Nicholson (1994), we plot out the latitudinal distribution
of the difference between normalized rainfall departures
in West Africa in the dry (1970–90) and the wet (1950–
69) periods. It is very clear that for the period of 1970–
90 the rainfall is relatively low compared to the period
1950–69 over the whole West Africa (Fig. 20). Shinoda
(1990) and Janicot (1992) analyzed the observed rainfall
anomaly patterns over West Africa. They showed that
droughts in the Sahel can be differentiated into those
years with drought throughout the West African region
and those with a dipole pattern with wetter than usual

conditions along the Guinea coast. While some years
were associated with a southward shifting of the ITCZ
accounting for a dry Sahel/wet Guinea coast, most of
the Sahel drought years were dry throughout all of West
Africa. As a result, the observations in Fig. 20 indicate
that for the last three decades or so, all of West Africa
experienced a deficit in rainfall. If the actual rainfall
variability has anything to do with the land surface
transformation (which may not be the case since SST
could be another factor among others), Fig. 20 favors
the role of deforestation since the effect of desertifi-
cation on West African rainfall presents a dipole pattern
(positive deviation south of the perturbation region and
negative within the perturbation region; see Fig. 8),
whereas the deforestation creates a universally negative
deviation over the whole West Africa.

Furthermore, the basic difference between desertifi-
cation near the desert border and deforestation near the
coastal region is that the regrowth of grass is much
easier than the regrowth of forest. While human activ-
ities (such as overgrazing) may easily cause desertifi-
cation near the desert border, the natural variability of
the whole climate system makes the recovery of the
grassland possible by bringing more rainfall (for other
reasons). The timescale for the regrowth of the grassland
is on the order of months. It is then unlikely that the
desertification is responsible for the long-lasting (de-
cades) deficient rainfall over the Sahel. On the other
hand, the tropical forest, once deforested, is much harder
to recover. The timescale for recovery is years to several
decades. Therefore, it is more likely that tropical de-
forestation may be responsible for a long-term rainfall
variability, such as the decadal timescale drought near
the Sahel region.

Recent studies have identified a strong link between
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interannual Sahel rainfall anomalies and Atlantic intense
hurricane activities (e.g., Gray 1990; Landsea and Gray
1992; Goldenberg and Shapiro 1996). Deficient Sahel
rainfall corresponds to fewer U.S. east coast landfalls
of intense Atlantic hurricanes since easterly waves orig-
inating from West Africa are the source of Atlantic hur-
ricanes. If deforestation along the Guinea coast is re-
sponsible for the Sahel long-term rainfall decreases, it
would follow that the cause of reduced numbers of in-
tense Atlantic hurricanes during the 1970s through the
early 1990s (Landsea et al. 1996) may be due to the
deforestation along the Guinea coast.

We have to caution that there is little empirical evi-
dence regarding the effect of land cover transformation
on the West African monsoons (Nicholson 1988). Most
studies on the impact of land cover modification on West
African monsoons are based on models. In order to get
significant response due to land cover change, large per-
turbation of the land surface properties (e.g., surface
albedo) has been assumed. The magnitude of the per-
turbation is often unjustified. This is the main caveat of
all the modeling studies (including this study). Never-
theless, this study shows the critical importance of the
location of the vegetation perturbation in the dynamics
of West African monsoons.

6. Conclusions and remarks

From the discussion we presented above, we can con-
clude the following.

1) Several numerical experiments were performed us-
ing a zonally symmetric model of the atmosphere
with the vegetation distribution described by a sim-
ple parameterization. The objective of these exper-
iments is to investigate the role of vegetation dis-
tribution in the atmospheric dynamics of West Af-
rican monsoons and to determine how the atmo-
sphere responds to changes in the lower boundary
conditions. The results of the experiments suggest
that the meridional distribution of vegetation plays
a significant role in the dynamics of West African
monsoons. The response of the atmosphere to any
perturbation in the distribution of vegetation depends
critically on the location of this perturbation.

2) Changes in vegetative cover along the border be-
tween the Sahara Desert and West Africa (deserti-
fication) leave a minor impact on the simulated mon-
soon circulation. These changes merely reduce the
amount of rainfall at the desert border and slightly
increase rainfall along the coast, but a healthy mon-
soon circulation still develops over the region.

3) Changes in vegetative cover along the southern coast
of West Africa (deforestation) have a dramatic im-
pact on the simulated atmospheric response. Defor-
estation excites a significant response in the model
atmosphere and results in the collapse of the mon-
soon circulation for the worst-case scenario. The

physics of this response can be described by the
mechanism of Eltahir (1996) with deforestation re-
sulting in reducing surface net radiation, total flux
of heat from the surface, and hence reducing bound-
ary layer entropy. The response of the simulated
monsoon circulation to the reduction of boundary
layer entropy is consistent with the observations and
theories of Eltahir and Gong (1996), Plumb and Hou
(1992), and Emanuel (1995). Coastal deforestation
is suggested as another drought-producing mecha-
nism in West Africa besides well-documented de-
sertification.

4) While the magnitude of local rainfall is sensitive to
changes in local vegetation, the location of the ITCZ
is not sensitive to changes in the vegetation north-
ward or southward from the location of the ITCZ
(control case). However, the location of the ITCZ is
sensitive to changes in the distribution of vegetation
in the immediate vicinity of the location of the ITCZ
(control case).

The results of the numerical simulations shed some
light on the relation between the dynamics of West Af-
rican monsoons and the distribution of vegetation. How-
ever, extension of these results to describe the response
of the real atmosphere to changes in the distribution of
vegetation should be approached carefully due to the
limitations of this simple model. In particular, the model
was not designed to simulate the three-dimensional as-
pects of the relevant atmospheric dynamics. In reality,
easterly waves are the rain-producing systems during
the West African summer monsoon season. However,
the life cycle of these disturbances is several days. Since
we are mainly concerned with monthly to seasonal rain-
fall variability, we only care about the collective effect
of these synoptic systems. The zonally symmetric model
we use here should be sufficient for this purpose. A
similar approach has been adopted by some previous
studies. For example, Webster and Chou (1980) used a
zonally symmetric model to simulate the seasonal struc-
ture of the Indian monsoon successfully although the
rainfall in the actual Indian monsoon is associated with
monsoon depressions, which are synoptic disturbances
with a life cycle of several days.

It should also be noted that the model used here does
not include cloud–radiation feedback. However, the
qualitative effect of cloud–radiation is not hard to as-
sess. Changes of net surface radiation due to vegetation
degradation consist of the change in net solar radiation
and the change in net terrestrial radiation, as we have
seen in section 4. For the solar component, the vege-
tation degradation decreases cloudiness and thus al-
lows more incoming solar radiation. This process
works against the increase of surface albedo (which
tends to reduce the net solar radiation at surface) fol-
lowing vegetation degradation. Therefore, the inclu-
sion of cloud–radiation feedback tends to cancel the
effect of surface albedo. Therefore, we expect less de-
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FIG. A1. The August (a) vertical wind (contour interval: 2 mm s�1)
and (b) meridional wind (contour interval: 1 m s�1), averaged from
15�W to 15�E, for the NCEP climatology (1982–94).

crease of net solar radiation when cloud–radiation
feedback is incorporated than otherwise. On the other
hand, less cloudiness permits more longwave radiation
to escape into outer space and results in a greater de-
crease of net surface longwave radiation. In short, the
inclusion of cloud–radiation feedback may change the
relative contribution to net surface radiation from
shortwave and longwave components; that is, there is
a greater decrease of net surface longwave radiation
and a smaller decrease of net surface shortwave ra-
diation following vegetation degradation. For example,
Nobre et al. (1991) estimated a 26 W m�2 decrease of
net surface radiation following a deforestation of large
areas (�106 km2) in Amazon. The decrease is com-
posed of an 18 W m�2 decrease in net shortwave ra-
diation and a 8 W m�2 decrease in net longwave ra-
diation. No cloud–radiation feedback was included in
this study. The study of Dickinson and Kennedy (1992)
did include cloud–radiation feedback in its model.
They reported an 18 W m�2 decrease of net surface
radiation, for a similar area of deforestation. Of the
total decrease of net surface radiation, now only 3 W
m�2 comes from the decrease in net solar radiation; the
other 15 W m�2 contribution is due to the decrease in
net longwave radiation. We see clearly that even with
the inclusion of cloud–radiation feedback, the net sur-
face radiation still decreases following vegetation deg-
radation although the magnitude is smaller, at least
from these numerical model studies. Lean and Rown-
tree (1993) also reached a similar result to that of Dick-
inson and Kennedy (1992); again cloud–radiation feed-
back was included. The decrease is now mainly due
to the decrease of net longwave radiation. Based on
these considerations, we believe the essential results
of this paper still hold true although quantitative dif-
ferences should be expected.

Finally, the model land surface scheme may be too
simple quantitatively. A more sophisticated land surface
scheme should be helpful in simulating the land surface
processes (e.g., surface evaporation) more accurately.
In summary, this study represents the first step toward
understanding the role of vegetation in the dynamics of
West African monsoons. Our current research endeavors
to relax the limitations mentioned above by using a
three-dimensional regional climate model (e.g., Giorgi
et al. 1993a, b).
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APPENDIX

A Comparison of the Model Meridional
Circulation with that of the NCEP Reanalysis

The model used in this study is designed as a process
model. Therefore, only a limited set of physical pro-
cesses is included. Although we do not expect this sim-
ple model to match the observations in the details, the
model should capture the gross features of the observed
monsoon circulation. The NCEP reanalysis 13-yr cli-
matology (1982–94) (Kalnay et al. 1996) is used here
as the ‘‘observations.’’ We compare the model August
output (with seasonal radiative forcing) with the NCEP
data. Note that the model (with seasonal cycle) August
monthly average is not exactly the same as that de-
scribed in section 4 (steady state) since now August is
just a part of the model seasonal cycle. It is more ap-
propriate to compare the results of model with seasonal-
varying insolation with the observations. Our goal here
is not to verify our model simulation but assess the
differences between our model and the observations.
Possible reasons for these differences are presented.
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FIG. A2. The August (a) vertical wind (contour interval: 2 mm s�1)
and (b) meridional wind (contour interval: 1 m s�1), averaged from
15�W to 15�E, for the model control run.

FIG. A3. The August precipitation minus evaporation in mm day�1,
a measure of moisture convergence. The solid line denotes the NCEP
data and the dashed line denotes the model result.

Figure A1 shows the NCEP vertical and meridional
winds averaged from 15�W to 15�E in August. Figure
A2 shows the vertical and meridional winds for the
model control experiment. The model captures the over-
all pattern of the overturning monsoon circulation, that
is, the updraft centered around 10�N, the broad down-
draft covering 5�N southward (Fig. A1a). Also consis-
tent with the observation are the low-level southerlies
and upper-level northerlies from 30�S to 20�N. On the
other hand, the model results exhibit substantial quan-
titative deviations from the observations. Most notably,
the vertical structure of the vertical and meridional
winds in the model is different from the observations,
especially the vertical wind. The observed monsoon cir-
culation appears to be substantially stronger than that
of the model. For example, the two downdrafts observed
in the NCEP data (Fig. A1a) are evidently stronger than
those in the model (Fig. A2a), particularly the one over
the desert region (15�N northward). The updraft in the
NCEP data also appears to be narrower than that in the
model. All these suggest that the NCEP data show stron-
ger monsoon circulations than those in the model. How-

ever, the overall circulation patterns are simulated in our
model, that is, the monsoon updraft near 10�N, the broad
downdraft in the Southern Hemisphere, the weaker-
than-observation downdraft over desert region. In ad-
dition, even though the model circulation is significantly
weaker than that in the NCEP data, especially in the
mid- and upper troposphere, the vertically integrated
moisture convergence around the ITCZ is not very dif-
ferent (Fig. A3). This is probably because the moisture
convergence is mainly determined by the low-level con-
vergence of the monsoon circulation. The apparent larg-
er-than-observed moisture convergence north of 10�N
is consistent with the weaker-than-observed subsidence
in that region. The clear difference in moisture conver-
gence in the Southern Hemisphere is mainly due to the
difference in evaporation, not in rainfall (not shown
here).

The differences between the model output and the
observations are not surprising. Take the vertical wind
as an example. We know that the vertical wind is not
a directly measured quantity, it reflects substantial in-
fluence from the NCEP model formulations (Kalnay et
al. 1996). As the adiabatic cooling due to large-scale
vertical motions is mostly balanced by diabatic heating
in the Tropics, the vertical structure of vertical wind is
dictated by that of the diabatic heating, mostly latent
heating and radiative cooling. It follows that different
parameterizations of moist convection and radiation
would produce quite different vertical structure and in-
tensity of large-scale motions. Moreover, the closure
parameters of the Emanuel scheme we used are the cloud
microphysical parameters; see section 3 for details.
These parameters determine the convective heating and
moistening. As discussed by Renno (1992), the con-
vective heating and moistening are sensitive to these
parameters. The parameters we used in this study follow
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those of Emanuel (1991) and have not been validated
against observations.

Finally, our adoption of zonal symmetry may also
account for some of the differences in vertical wind.
For example, Rodwell and Hoskins (1996) showed that
the descent over desert region can be caused by the
remote influence of Indian monsoon heating. They
forced their three-dimensional model with a diabatic
heating over the Indian continent. A descent over Sahara
and a descent south of the equator were observed. These
may explain why our model descents are substantially
weaker than those of the NCEP data since our model
does not include these mechanisms.
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